JOURNAL OF GEOPHYSICAL RESEARCH: SOLID EARTH, VOL. 118, 316-331, doi:10.1029/2012JB009661, 2013

Interseismic deformation and creep along the central
section of the North Anatolian Fault (Turkey): InSAR observations
and implications for rate-and-state friction properties
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[1] We present high-resolution measurements of interseismic deformation along the
central section of the North Anatolian Fault (NAF) in Turkey using interferometric
synthetic aperture radar data from the Advanced Land Observing Satellite and Envisat
missions. We generated maps of satellite line-of-sight velocity using five ascending
Advanced Land Observing Satellite tracks and one descending Envisat track covering the
NAF between 31.2°E and 34.3°E. The line-of-sight velocity reveals discontinuities of up to
~5 mm/yr across the Ismetpasa segment of the NAF, implying surface creep at a rate of ~9
mm/yr; this is a large fraction of the inferred slip rate of the NAF (21-25 mm/yr). The
lateral extent of significant surface creep is about 75 km. We model the inferred surface
velocity and shallow fault creep using numerical simulations of spontaneous earthquake
sequences that incorporate laboratory-derived rate and state friction. Our results indicate
that frictional behavior in the Ismetpasa segment is velocity strengthening at shallow
depths and transitions to velocity weakening at a depth of 3—6 km. The inferred depth
extent of shallow fault creep is 5.5-7 km, suggesting that the deeper locked portion of the
partially creeping segment is characterized by a higher stressing rate, smaller events, and
shorter recurrence interval. We also reproduce surface velocity in a locked segment of the
NAF by fault models with velocity-weakening conditions at shallow depth. Our results
imply that frictional behavior in a shallow portion of major active faults with little or no
shallow creep is mostly velocity weakening.
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1. Introduction

[2] Studies of interseismic strain accumulation on major
active faults are critical for our understanding of fault
mechanics as well as seismic hazard estimation. A majority
of active faults are locked in the so-called seismogenic depth
interval and release accumulated strain during large earth-
quakes. The extent of the seismogenic zone can vary between
different faults and along the same fault. Observations show
that aseismic fault slip, or fault creep, occurs in the upper
crust on some segments of major faults including the
San Andreas Fault (SAF) north of Parkfield [e.g., Thatcher,
1979; Burford and Harsh, 1980], the Hayward fault [e.g.,

'nstitute of Geophysics and Planetary Physics, Scripps Institution of
Oceanography, Univerisity of California, San Diego, La Jolla, California,
USA.

Department of Natural History Sciences, Graduate School of Science,
Hokkaido University, Kita-ku, Sapporo, Japan.

Corresponding author: Y. Kaneko, Institute of Geophysics and Plane-
tary Physics, Scripps Institution of Oceanography, University of California,
San Diego, 9500 Gilman Dr. MC 0225, La Jolla, CA 92093, USA. E-mail:
(ykaneko@ucsd.edu)

©2012. American Geophysical Union. All Rights Reserved.
2169-9313/13/2012JB009661

Titus et al., 2006], the Superstition Hills fault [e.g., Bilham,
1989; Wei et al., 2009], and the North Anatolian Fault
(NAF) [e.g., Ambraseys, 1970; Cakir et al., 2005]. If faults
creep throughout the seismogenic layer at a rate comparable
to the long-term fault slip rate, there is no accumulation of
potential energy of elastic deformation and stress increase,
and such faults are not likely to generate large earthquakes.
For some faults, the observed rate of surface creep is lower
than the long-term fault slip rate, implying that the creep
may be limited to shallow depths, and that the deeper fault
section is locked and accumulating elastic stress over time.
Hence, the rate and spatial extent of fault creep are important
parameters for seismic hazard estimation.

[3] The occurrence of fault creep can further inform us of
the frictional behavior of faults. Theoretical studies and
ample laboratory observations suggest that the mechanism
of fault creep is linked to steady-state velocity-strengthening
behavior that, in the framework of rate-and state-dependent
friction, allows only stable sliding in response to tectonic
loading [e.g., Ruina, 1983; Rice and Ruina, 1983; Marone
etal., 1991; Marone, 1998]. Steady state rock friction exhibits
either velocity weakening or velocity strengthening, depend-
ing on a number of factors including normal stress, tempera-
ture, and the rock type [e.g., Dieterich, 1978; Ruina, 1983;
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Blanpied et al., 1995; Marone, 1998; Dieterich, 2007]. Mod-
els predict that velocity-strengthening fault regions would
slip stably under slow tectonic loading, whereas velocity-
weakening fault regions would produce “stick-slip” motion
[e.g., Tse and Rice, 1986; Rice, 1993; Boatwright and
Cocco, 1996; Kaneko et al., 2010]. In this framework, fault
segments that creep aseismically can be interpreted to be
dominantly velocity strengthening while locked patches
are dominantly velocity weakening.

[4] Based on the rate-and-state concept, opposing views of
friction properties at shallow depths (<2-3 km) have emerged.
Friction properties at shallow depths are commonly consid-
ered to be velocity strengthening, based on laboratory experi-
ments on fault gouge at low normal stress [e.g., Marone et al.,
1991; Blanpied et al., 1995]. Because velocity-strengthening
friction does not allow for spontaneous nucleation of frictional
instabilities, the occurrence of shallow afterslip following
some earthquakes [e.g., Marone et al., 1991; Bilham, 1989]
and the lack of seismicity at shallow depths [e.g., Shearer
et al., 2005] can be also interpreted as observational evi-
dence for velocity-strengthening behavior of rocks in the
uppermost crust.

[5] On the other hand, a majority of active faults appear to
be locked near the Earth’s surface, implying that frictional
properties are mostly velocity weakening. Rock friction
experiments by Biegel et al. [1989] show a transition from
velocity strengthening to velocity weakening for shear displa-
cements in excess of a few millimeters, suggesting that
velocity-weakening behavior in the top few kilometers
may be expected for mature strike-slip faults. Additional
complexities are predicted by numerical models: velocity-
strengthening segments can be locked due to elastic interac-
tions with the adjacent velocity-weakening regions [e.g.,
Kaneko et al., 2010; Hetland and Simons, 2010] and parts
of velocity-weakening segments can experience aseismic
slip [e.g., Tse and Rice, 1986; Liu and Rice, 2005]. Hence,

inferences of friction properties of major active faults from a
combination of field measurements and models incorporating
rate-and-state friction may clarify the frictional behavior of the
shallow crust [e.g., Johnson et al., 2006; Barbot et al., 2009].

[6] In this paper, we investigate interseismic deformation
and shallow fault creep along the central section of the
NAF in Turkey. The NAF is a major active right-lateral
strike-slip fault in northern Anatolia that constitutes the
boundary between the Eurasian plate and the Anatolian plate
(Figure 1). A sequence of eight M > 7 earthquakes ruptured
~900 km of the NAF from 1939 to 1999 [e.g., Sengér et al.,
2005], posing significant earthquake hazard in Turkey. The
NAF is in many ways similar to the SAF in California; both
are mature strike-slip faults extending more than 1000 km
and having a total offset of the order of 10* kilometers [Stein
et al., 1997]. The long-term fault slip rate of the NAF of
2243 mm/yr [e.g., McClusky et al., 2000] is close to that
of the southern SAF [e.g., Johnson et al., 1994; Fialko,
2006; Lindsey and Fialko, 2012]. Both faults also have
segments with robust surface creep [e.g., Irwin, 1990;
Ambraseys, 1970; Cakir et al., 2005; Karabacak et al.,
2011]. On the NAF, the most notable creeping segment is
located near Ismetpasa (Figure 1). Cakir et al. [2005] esti-
mated the rate and spatial extent of the Ismetpasa creeping
segment using interferometric synthetic aperture radar
(InSAR) data from the ERS satellite spanning a time period
from 1992 through 2001. Their InSAR data yield 8+3 mm/
yr of creep rate, suggesting that the NAF at Ismetpasa does
not creep at seismogenic depth, unlike the creeping segment
of the SAF north of Parkfield.

[7] Our study consists of two parts: (1) high-resolution mea-
surements of interseismic deformation and fault creep based
on InSAR and GPS data and (2) inferences of fault-rheological
parameters in the upper crust based on comparisons of numer-
ical simulations and the geodetic observations. We present
satellite line-of-sight (LOS) velocity maps for the five
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Figure 1. (a) Map of Turkey and the surrounding areas. The NAF runs along the transform boundary

between the Eurasian plate and the Anatolian plate.

Fault traces are from geological studies [Arpat and

Saroglu, 1972, 1975]. Our focus region is indicated by a rectangle. (b) Map of a study region. Footprints
of ALOS tracks 601-605 and Envisat track 207 used in this study are indicated by rectangles. Five GPS
velocity vectors in a Eurasia-fixed reference frame and 1-¢ confidence ellipses from Reilinger et al. [2006]
are shown. Diamonds denote major cities in this region.
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ascending tracks of Advanced Land Observing Satellite
(ALOS) covering the NAF between 31.2°E and 34.3°E (sec-
tion 2). LOS velocity maps for each track were obtained by
averaging 10 to 20 radar interferograms spanning a time pe-
riod of 4 years between 2007 and 2011. We also analyzed
radar interferograms from the descending track 207 of Envisat
satellite in roughly the same time period. The obtained surface
velocity was used to infer spatial variations of fault friction
properties based on simulations of spontanecous earthquake
sequences that incorporate laboratory-derived rate-and-state
friction laws [Lapusta et al., 2000; Kaneko et al., 2011]. We
explore trade-offs between model parameters in section 3.
Finally, in section 4 we discuss factors that are not included
in the model but could be relevant for the inferences of fault
friction properties in the uppermost crust.

2. InSAR and GPS Observations

2.1. Surface Velocity

[8] Our focus region is the central section of North Anato-
lian Fault (Figure 1). Most of the Synthetic Aperture Radar
(SAR) data used in this study were collected by the ALOS
from five ascending tracks 601-605 over a period of 4 years
from the beginning of 2007 to the beginning of 2011
(Figure 1b). The use of a longer radar wavelength in the
ALOS satellite (L-band, 23.6 cm), compared to that used in
the ERS and Envisat satellites (C-band, 5.6 cm), enables
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coherent phase recovery over much longer time intervals in
vegetated areas such as those in northern Turkey [Wei and
Sandwell, 2010].

[9] There are some campaign GPS data available in the vi-
cinity of the NAF [Reilinger et al., 2006]. Unfortunately,
many of the GPS sites are located to the west of our study
area; only five GPS data points are available within the radar
swaths used in this study (Figure 1b). Nevertheless, these GPS
data are a useful complement to the InSAR data because the
former can be used to minimize the long-wavelength errors
in the InSAR range changes. Here we used a crude GPS-
based model (see the inset of Figure 2) to correct for the
long-wavelength (>80 km) errors in the LOS velocity
(Appendix A). From the GPS data, the long-term relative
plate motion across the NAF in this area is 23+2 mm/yr
[Reilinger et al., 2006]. Details of processing of the InNSAR
data and integration of a GPS-based model into InSAR
surface velocity are described in Appendix A and Tong
et al. [2012].

[10] Figure 2 shows high-resolution interseismic velocity
across the NAF inferred from a stack of ALOS interfero-
grams. Warm colors (positive velocities) correspond to areas
that are moving away from the satellite, and cool colors
(negative velocities) correspond to areas that are moving
toward the satellite, consistent with expected right-lateral
plate motion in this region. A creeping fault segment is char-
acterized by a discontinuity in LOS velocity, indicated by a

Fault-parallel velocity

33 335° 34°

Figure 2. LOS velocity of the Earth’s surface from a stack of ALOS radar interferograms spanning a
time interval between 2007 and 2011. An open arrow shows the radar look direction, and LOS velocities
away from the satellite are assumed to be positive. A thick solid line shows the extent of significant surface
creep estimated in this study. Three GPS velocity vectors in a Eurasia-fixed reference frame and 1-¢ con-
fidence ellipses from Reilinger et al. [2006] are shown. The inset shows that the GPS data points and a
curve used for constraining long-wavelength LOS velocity of the InSAR data.
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sharp color contrast across the fault trace near Ismetpasa
(Figure 2). In contrast, locked fault segments are manifested
by gradual changes in the LOS velocity (e.g., the fault segment
near Bolu, Figure 2).

[11] Other first-order variations in the interseismic veloc-
ity include localized deformation patterns related to nontec-
tonic effects. There are several areas of rapid localized uplift
or subsidence, possibly due to groundwater pumping or ex-
traction. For example, there is a 1.5 km by 3 km uplift region
(41.22° latitude, 32.80° longitude) located at about 40 km
north of Ismetpasa (indicated by a dashed circle in Figure 2).
The rate of the uplift is ~10 mm/yr, likely of anthropogenic
origin. The LOS velocity also includes noise associated with
ionospheric effects, which are prominent in the wavelengths
between ~40 and ~80 km. Hence, we limit our analysis of
interseismic deformation to a region within 20 km from
the NAF, as discussed in section 3.

[12] In addition to the data from the ascending tracks of the
ALOS satellite, we generated and analyzed 20 interferograms
from the descending track 207 of the Envisat (Figure 1b).
Envisat data were acquired between 2004 and 2010. Figure 3
shows surface velocity across the NAF inferred from stacking
of the Envisat interferograms. Due to a shorter wavelength of
the C-band radar, the Envisat interferograms are severely
decorrelated due to erosion, vegetation, cultivation, etc.
However, these data are important because they provide a
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LOS velocity component from a different look direction,
and allow us to resolve an ambiguity in the range changes
due to vertical and horizontal motion [e.g., Fialko et al.,
2001, 2005]. Most variations in the LOS velocity shown
in Figure 3 are likely to be associated with non-tectonic
signals except for signature of shallow fault creep along
the NAF. Hence, the Envisat surface velocity is used only
for estimating the rate and lateral extent of the fault creep
as discussed in the next section.

2.2. Fault Creep

[13] Based on the surface velocity from the InSAR obser-
vations, we estimate the rate and lateral extent of fault creep
in the Ismetpasa segment. We adopt the method described
by Burford and Harsh [1980] in which the creep rate is
quantified as an offset of the intercepts of the two best fit
linear approximations of surface velocity at the fault trace.
To do this, we first need to know accurate locations of fault
traces in the creeping segment of the NAF. Because the
geologically-mapped fault traces shown in Figure 2 are
found to be misaligned with discontinuities in the LOS
velocity, sometimes by as much as 1km, we compute
across-the-fault gradient of the LOS velocity and define the
fault trace as the location of the largest gradient in the vicin-
ity of the geologically-mapped fault traces. We then take 1
km wide profiles of the averaged LOS velocity
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Figure 3. LOS velocity of the Earth surface from a stack of Envisat radar interferograms spanning a time
interval between 2004 and 2010. For Envisat data, we do not use the InSAR/GPS integration method
described in the text. Instead, the best fitting plane is removed from the LOS velocity field and the residual
is shown here. An open arrow shows the radar look direction, and LOS velocities away from the satellite
are assumed to be positive. A thick solid line shows the extent of significant surface creep estimated in this
study. Three GPS velocity vectors in a Eurasia-fixed reference frame and 1-o confidence ellipses from

Reilinger et al. [2006] are shown.
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Figure 4. Creep rates estimated from profiles of averaged LOS velocity perpendicular to the fault in the
Ismetpasa (creeping) section. Two examples of LOS velocities in 8 km averaged profiles and the best-
fitting lines for data points in each side of the fault are shown (P1 from ALOS and P2 from Envisat). Error
bars indicate 1-standard deviation of the root-mean-square (RMS) residuals after the linear regression for
data points in each side of the fault. Offsets at the location of the fault trace (the lengths of the black lines)
projected onto the fault parallel direction correspond to the estimated creep rates.

perpendicular to local fault strike. The sampling interval
across the fault is 0.2 km for 1 km on either side of the fault.
We further average the LOS velocity of 8 neighboring profiles
along fault strike. For each averaged profile, there were 5 LOS
velocity data points on either side of the fault (Figure 4). We
project LOS velocity into a fault-parallel direction, assuming
that there is no vertical and fault-normal motion. The error bars
in Figure 4 correspond to the root-mean-square residuals from
linear regression in averaged fault-normal profiles.

[14] The creep rates estimated from the ALOS and Envisat
interferograms are generally similar in most locations
(Figure 4). Since the LOS directions in the ascending ALOS
and descending Envisat tracks are different, a general agree-
ment of the creep rates from these estimates suggests that the
differential vertical motion across the fault, if any, is negligi-
ble compared to the contribution from the right-lateral fault
creep. Some profiles show apparent asymmetry in the LOS
velocity across the fault trace (Profile P2 in Figure 4), which
is likely due to the residual atmospheric noise. The maxi-
mum creep rate of up to ~9 mm/yr is found in the center
of the creeping segment 10—20 km west of Ismetpasa, which
accounts for 40% of the relative plate motion in this area
(Figure 4a). The lateral extent of significant shallow creep is
in excess of 75 km, and neighboring fault sections do not ex-
hibit shallow creep within the measurement accuracy (1—
2 mm/yr). These inferences are broadly consistent with previ-
ously reported trilateration surveys and InSAR results based
on C-band ERS data [Cakir et al., 2005], suggesting that the
NAF segment near Ismetpasa may be only partially locked.

[15] Discontinuities in the LOS velocities seen in Figures 2
and 3 are due to fault creep, and not atmospheric or other kinds
of noise because observations from overlapping satellite tracks
are consistent (see Figure 4). Also, the observed velocity
variations do not generally correlate with local topography in
the study area.

3. Dynamic Models of Earthquake Cycles and
Interseismic Deformation

[16] To infer the depth extent of fault creep, one may use
models of elastic dislocations to invert surface velocity for a
locking depth [e.g., Savage and Lisowski, 1993]. Although
this is a simple approach commonly used in interpreting
geodetic data, an unphysical stress singularity exists at the
dislocation edge defined by the discontinuity in slip. Also,
the dislocation model offers little insight into the frictional
properties of rocks comprising the fault zone. Instead, we
use fully dynamic models of an earthquake sequence [Lapusta
et al.,2000; Kaneko et al., 2011; Kaneko and Ampuero, 2011]
to interpret the observed InSAR surface velocity. This
approach has the following characteristics: (1) Occurrence of
fault creep is dictated by laboratory derived rate-and-state
friction and elasticity, and hence there is no stress singularity
at the locking depth. (2) Earthquakes are simulated as a part
of spontaneously occurring earthquake sequences on a fault
subjected to slow tectonic loading, which allows us to study
naturally developing coseismic, postseismic, and interseismic
slip with conditions before the nucleation originating from the
previous history of fault slip rather than from arbitrarily se-
lected prestress. (3) Once the surface velocity is explained
by the forward model, key parameters of fault friction such
as the depth extent of the velocity-strengthening and veloc-
ity-weakening layers can be inferred. (4) Models could be
used to assess future earthquake patterns and fault creep
behavior by assimilating information about past earthquakes
and interseismic loading. (5) Because the number of free para-
meters is larger in the dynamic model than in the kinematic
dislocation-based models, the solution is likely to be highly
nonunique. In the following section, we first present models
that explain the surface velocity inferred from the InSAR data.
We then analyze trade-offs between the input parameters and
discuss ways to overcome some intrinsic nonuniqueness.
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(a) 2-D model of a vertical strike-slip fault. (b) Depth-variable distribution of effective normal

stress. (¢) Depth-variable distributions of the rate-and-state constitutive parameters ¢ and a-b over the

fault segment where friction acts.

3.1. Model Setup

[17] We consider a vertical right-lateral strike-slip fault in a
homogeneous half-space subjected to slow tectonic loading
(Figure 5a). For simplicity, antiplane (two-dimensional, 2-D)
deformation is assumed such that the only nonzero component
of the displacement is the one along the x-direction and is given
by u(y, z, t), where t denotes time. We defined slip d(z, £) on the
fault place as the displacement discontinuity d(z, £)=u(0", z, £)
(07, z, £). Then the relation between slip d(z, £), slip velocity V'
(z, H)=0 d(z, 1)/ t, and the corresponding shear stress 7(z, 7) on
the fault can be expressed as [Lapusta et al., 2000]

1(z,t) = 1°(z) +f(z,1) — G V(zt) , (1)
2V

where G is the shear modulus, V is the shear wave speed, 7°
is the loading stress that would act on the interface if it were
constrained against any slip, and f{z, ) is a linear functional
of prior slip over the causality cone. The last term, known as
radiation damping, is extracted from the functional f(z, 7) so
that f(z, #) can be evaluated without concern for singularities.
The details of the elastodynamic solution and simulation
methodology can be found in Lapusta et al. [2000]. The
fault is driven below depth z=—48 km with a loading rate
of V=23 mm/yr constrained by the GPS data (Figure 5a).
The material properties are Vy=3.35 km/s, G=30 GPa, and
density p=2670 kg/m’.

[18] The fault is governed by rate and state friction with the
aging form of state variable evolution. For time-independent
effective normal stress o, the shear strength t on the fault is
expressed as

1(z,t) =o0(z)|fo +a(z)ln V(; J) n b(z)ln%
’ 2
do(z,1) - V(z,1)0(z,t) @)
dt - f?

where @ and b are rate and state constitutive parameters, V' is slip
rate, f; is the reference friction coefficient corresponding to the
reference slip rate ¥, 6 is a state variable, which can be inter-
preted as the average age of contacts between two surfaces, and
L is the characteristic slip for state evolution [Dieterich, 1978,
1979; Ruina, 1983]. The parameter combination a — b <0
corresponds to steady-state velocity-weakening friction and
can lead to unstable slip, whereas @ — b >0 corresponds to

steady-state velocity strengthening and leads to stable sliding
[Ruina, 1983; Rice and Ruina, 1983].

[19] The actual fault resistance to sliding in our model is
given by rate and state friction regularized at zero slip velocity,
as described in Appendix B. The response of constitutive laws
(2), when extrapolated to coseismic slip rates, becomes quali-
tatively similar to the one given by linear slip-weakening
friction [Cocco and Bizzarri, 2011] widely used in dynamic
rupture models [e.g., Ida, 1972; Day et al., 2005]. For simplic-
ity, we use the standard rate and state friction framework (2),
without the inclusion of enhanced dynamic weakening at high
slip rates [e.g., Di Toro et al., 2003; Rice, 2006; Noda and
Lapusta, 2010; Brown and Fialko, 2012].

[20] The physical parameters of the simulations presented
in this work are shown in Figures 5b and 5c. The effective
normal stress, 0 =1.0+ 13.0z MPa, where z is in kilometers,
increases with depth due to overburden (minus hydrostatic
pore pressure, Figure 5b). The variation of friction parameters
a and b with depth shown in Figure 5c is similar to the one
in Rice [1993] and Lapusta et al. [2000]; it is derived from
laboratory experiments [Blanpied et al., 1995]. The transition
from velocity weakening to velocity strengthening at 12.5 km
depth is assumed to be associated with temperature increase
with depth (Figure 5¢). We experiment with different distribu-
tions of @ — b at shallow depths and how these distributions
would affect the interseismic deformation and fault creep.
The value of the characteristic slip L used in our simulations
is 9mm, in which case the model results in sequences of
model-spanning earthquakes, consistent with the results of
Lapusta et al. [2000] and Kaneko et al. [2011]. Our models
resolve all stages of seismic and aseismic slip: the aseismic
nucleation process, the subsequent inertially controlled
earthquakes, the postseismic slip, and the interseismic de-
formation between earthquakes.

3.2. Modeling of Surface Velocity

[21] Figure 6 shows the evolution of simulated interseismic
surface velocity compared to InNSAR observations in the Ismet-
pasa creeping segment. The observed surface velocity profile
(the red curve in Figure 6a) represents the average LOS veloc-
ity in a 25 km wide rectangle centered on the middle of the
creeping segment (Figure 2). To compare the simulation
against the observation, we first simulate an earthquake se-
quence (Figure 6b) and then take the corresponding surface
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Figure 6. (a) Averaged surface velocity in the Ismetpasa creeping segment (a rectangle shown in
Figure 2) and those computed from simulated interseismic slip-rate distributions shown in panel b. The
interseismic surface velocities at 5, 20, and 55 years after a simulated earthquake are shown. (b) Simulated
earthquake sequence with a shallow velocity-strengthening condition (Distribution I in Figure 5c). Solid
lines show slip accumulation every 10 years, whereas dashed lines are intended to capture dynamic events
and are plotted every second during the simulated earthquakes.
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Figure 7. (a) Averaged surface velocity near the Bolu locked segment (a rectangle shown in Figure 2) and
those computed from simulated interseismic slip-rate distributions shown in panel b. The interseismic surface
velocities at 5, 20, and 55 years after a simulated earthquake are shown. (b) Simulated earthquake sequence
with a shallow velocity-weakening condition (Distribution II in Figure Sc). Solid lines show slip accumula-
tion every 10 years, whereas dashed lines are intended to capture dynamic events and are plotted every second
during the simulated earthquakes. (c) Averaged surface velocity near the Bolu locked segment and those
computed from simulated interseismic slip-rate distributions shown in Figure 7d. (d) Simulated earthquake
sequence with a velocity-neutral condition at the Earth’s surface (Distribution III in Figure 5c).
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velocity at 55 years after a seismic event, because the last ma-
jor earthquake on the Ismetpasa segment occurred in 1951 (the
M6.9 Kursunlu earthquake) [Ambraseys, 1970; Barka, 1996].
The solid lines are plotted every 10 years and show the contin-
uous slow sliding of the velocity-strengthening regions (Fig-
ure 6b). The slow slip creates a stress concentration at the tip
of'the slipping area and penetrates into the velocity-weakening
region. In due time, an earthquake nucleates at an 11 km depth
close to the deeper velocity-weakening and velocity-strength-
ening transition. We show the progression of seismic slip with
dashed lines plotted every second (Figure 6b). The interseis-
mic period between two successive events is ~180 years.
The simulated creep rate is highest after an earthquake and
logarithmically decays over time (Figure 6a), and the
corresponding surface velocity evolves over time during the
subsequent interseismic period.

[22] The model with a particular choice of @ — b distribution
(Distribution I in Figure 5c¢) is used to reproduce the spatial dis-
tribution and the magnitude of a discontinuity of ~8 mm/yr in
the InSAR surface velocity (Figure 6a). We run a sweep of
simulations with different distributions of @ — b in the shal-
low depth interval and find the case that best reproduces the
InSAR surface velocity profile. In this model, the total slip
at the Earth surface over an earthquake cycle is partitioned
into 50% coseismic slip, 20% postseismic afterslip, and
30% interseismic creep (Figure 6b). The coseismic surface
rupture qualitatively agrees with paleoseismological obser-
vations in that historical major earthquakes did rupture the
Earth's surface in this area [Kondo et al.,2004]. The inferred
value of a —bh=0.005 in the top 5 km depth interval falls
into the range of measured laboratory values for various
rock types with velocity-strengthening properties [Reinen
et al., 1994; Marone, 1998].

[23] We also model InSAR surface velocity in the Bolu
segment (Figure 2). Because the NAF in this segment is
locked near the Earth’s surface, there is no resolvable
discontinuity in LOS velocity (the red curve in Figure 7a).
To reproduce this observation, we consider the case with a
velocity-weakening condition in the top 5 km (Distribution II
of a-b in Figure 5c). Because the last major slip event on
this segment was the 1944 M7.3 Bolu-Gerede earthquake
[Ambraseys, 1970; Kondo et al., 2004], we use simulated
surface velocity at 65 years after the previous earthquake
(Figures 7a and 7b). In this case, the simulated surface
velocities at 20 and 65 years after the previous earthquake
both agree fairly well with the InSAR surface velocity.

[24] To examine the sensitivities of rate-and-state para-
meters on surface velocity in the locked region, we also
consider a case with velocity-neutral condition, a-5=0, at
the Earth's surface (Distribution III of @ - b in Figure 5¢). We
find that such change in the distribution of a-5 has almost
no influence on the pattern of the simulated earthquakes
(Figures 7b and 7d), but the amount of interseismic creep
increases slightly (Figures 7a and 7c). As a result, the fault
creeps at a rate of 2 mm/yr at 65 years after the previous earth-
quake in the velocity-neutral case (Figure 7¢). We note that the
measurement accuracy of the InSAR data is 1-2 mm/yr,
suggesting that the case with velocity-neutral condition cannot
be completely ruled out. The spatial variation of @-b in the
locked segment can be better constrained from more accurate
InSAR (or other geodetic) observations.

3.3. Trade-off Between Friction Parameter a - b and the
Thickness of a Velocity-Strengthening Layer

[25] As discussed earlier, simulated surface velocity in the
dynamic model is nonunique, that is, the same surface velocity
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(a) Dependence of an RMS misfit between simulated surface velocity and InSAR data on the

friction property a — b and the size of a velocity-strengthening layer D,. A dashed curve encircles models
with small RMS misfits. (b) Depth-variation distribution of @ — b. Arrows correspond to the parameters
varied in Figure 8a. (c—e) Three specific examples of simulated surface velocity, which are compared with

the InSAR surface velocity shown in Figure 6a.
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1. Kutoglu et al.-2010 (GPS)

J. Karabacak et al.-2011 (LIDAR)
K. Deguchi-2011 (InSAR)

L. Ozener et al.-2012 (GPS)
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Figure 9. Comparison of simulated creep rates over time with creep rates in the Ismetpasa segment
reported in various studies. Simulated creep rates for three cases with small RMS misfits shown in
Figure 8a and an additional case with a —b=0.026 and ¢=0.030 in the shallow velocity-strengthening
layer are shown. The timings of simulated earthquakes are aligned with that of the last major earthquake
(1951 M6.9 Kursunlu) in this segment. Horizontal and vertical bars represent the monitoring time window
and the error range, respectively. The error range was not reported in some studies and hence only the

monitoring times are shown.

can be reproduced by models with different sets of parameters.
To understand the uncertainties in the inferred parameters, we
run a number of simulations with different combinations of the
velocity-strengthening parameter @ — b and the layer size D,
and quantify how they influence the misfit between modeled
and InSAR surface velocity (Figure 8). When a — b and D,
are large, the model overestimates the creep rate from the
InSAR velocity (Figure 8b). Conversely, smaller a-b and
Dy result in underestimation of the creep rate (Figure 8c).
The InSAR surface velocity in the creeping segment is repro-
duced by models with larger @ — b given smaller D, and vice
versa (Figure 8e), and hence there are many scenarios that can
explain the InSAR surface velocity equally well (parameter
range encircled by a dashed curve in Figure 8a).

[26] The non-uniqueness of the creep rate in the dynamic
models can be understood from the following simple analy-
sis. The amount of fault creep during an earthquake cycle in
rate-and-state models would be proportional to the resistance
C of a velocity-strengthening layer to seismic slip:

C X 0a(a — b)Dys, 3)

where a,, is the effective normal stress averaged over the ve-
locity-strengthening layer and D,y is the layer size (Appen-
dix C). A larger value of either o, a-b, or Dy, would
lead to smaller coseismic slip and hence a larger amount of
fault creep and a higher creep rate, which is consistent with
the simulation results in Figure 8. This also means that trade-
offs exist among these three parameters, which are not
generally well constrained from observations.

3.4. Evolution of Creep Rates Over Time

[27] To further constrain the inferred friction parameters
and the size of the velocity-strengthening layer among the
cases with small misfits, we compare the simulated evolu-
tion of creep rates to the reported creep rates at Ismetpasa
from previous studies (Figure 9) [Ambraseys, 1970; Aytun,

2 ,

<

= ,

a
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6 Case witha — b =0
7 4
8 L 4
9 L 4

100 2 4 6 8 1‘0 12
Slip rate (mm/year)

Figure 10. Distributions of slip rates in the models with
small misfits (all the cases encircled by a dashed curve
shown in Figure 8a) and an additional case with a — b=
0.026 and a=0.030 (grey curve) shown in Figure 9. Extent
of shallow fault creep for the good-fitting cases ranges from
5.5 to 7km. The slip-rate distribution for the velocity-neutral
case (@ — b=0) is different from that for other cases, suggest-
ing that the nearfield InNSAR data cannot resolve the distribu-
tion of slip rates greater than ~3 km depth.

1982; Eren, 1984; Altay and Sav, 1991; Deniz et al., 1993;
Cakir et al., 2005; Kutoglu and Akcin, 2006; Kutoglu
et al., 2008, 2010; Karabacak et al., 2011; Deguchi, 2011;
Ozener et al., 2012]. Estimated creep rates reported in the
previous studies were based on conventional surveying
methods, GPS, LiDAR, or InSAR techniques (Figure 9),
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and their results are summarized in Ozener et al. [2012].
Available observations suggest that the rate of creep at
Ismetpasa is nearly constant (within the measurement errors)
since 1970, which would eliminate the case with a velocity-
neutral condition (a - b =0). Assuming that the creep rate esti-
mated by tape-meter [Ambraseys, 1970] is robust, the time-de-
pendent creep rates favor the model with a larger a-b and a
smaller velocity-strengthening layer among the cases with
smaller misfits shown in Figure 8a. To better reproduce the
time-dependent creep rates, we considered an additional
model with a —b=0.026, which predicts a gradual change
in the surface creep rate from 12 to 7.5 mm/yr since 1970, al-
though uncertainties in observations may be too large to dis-
tinguish between these models (Figure 9). The slower decay
of the creep rate in this case can be understood from the result
of Perfettini and Avouac [2004] from which the duration of
the creep rate in a velocity-strengthening layer is proportional
to a(a — b); larger a(a — b) results in slower decay of the creep
rate after an earthquake.

3.5. Depth Extent of the Shallow Fault Creep

[28] A depth extent of shallow creep, or a creep depth in the
dynamic models is generally time-dependent and slowly
increases as creep fronts penetrate into the velocity-weakening
zone during the interseismic period (e.g., Figure 6b). Never-
theless, we find that creep depths in the dynamic models
appear to be relatively independent of the parameter trade-offs
discussed above. Figure 10 shows simulated slip-rate distribu-
tions for the cases with small misfits (Figure 8a). Slip rates in
these models are always nonzero mathematically but spatially
vary over orders of magnitude. Hence, the creep depth can be
visually identified from Figure 10. Creep depths from those
cases range from 5.5 to 7.0 km, consistent with the previous
inference of a creep depth in the Ismetpasa segment [Cakir
et al., 2005]. This result suggests that the deeper locked
portion of the partially creeping segment, compared to that
of locked segments, is characterized by a higher stressing rate,
smaller events, and shorter recurrence interval, as manifested
by the differences between Figures 6b and 7b. Such infer-
ence is consistent with a suggestion that fault segments with
a higher stressing rate have shorter recurrence intervals
[Smith-Konter and Sandwell, 2009].

[29] A recent seismological study of Ozakin et al. [2012]
proposed that the stressing rate at the seismogenic depth is
not higher in the Ismetpasa segment than in the surrounding
regions. Ozakin et al. [2012] found that only a small number
of earthquakes were detected in the Ismetpasa segment,
unlike the creeping segment of the SAF north of Parkfield.
If the fault creeps down to a depth of 5.5-7 km, it is perhaps
surprising that only a small number of events occur at the
Ismetpasa segment. An alternative explanation may be that
heterogeneities on the fault surface have been swept away
by the ruptures of the 1944 and 1951 earthquakes, leading
to the scarcity of small earthquakes in this region.

4. Discussion

[30] Observations of surface deformation on different
segments of the NAF indicate that the friction properties in
the uppermost crust vary along fault strike. Our results suggest
that friction properties of creeping fault segments are mostly
velocity strengthening, whereas locked fault segments are
characterized by mostly velocity-weakening conditions at
shallow depths. This simplified concept is illustrated in
Figure 11. If a fault creeps at a long-term slip rate as in the cen-
ter of the Parkfield segment of the SAF, the fault surface is
characterized by velocity-strengthening conditions. A shallow
portion of locked faults is nominally velocity weakening as in
the Bolu locked segment because velocity-strengthening or
velocity-neutral conditions would lead to shallow fault creep
at some time in the interseismic period (Figure 7). The
Ismetpasa segment of the NAF corresponds to the intermedi-
ate behavior (Figure 11) where the friction parameter in the
shallow portion of the fault is velocity strengthening but
transitions to velocity weakening at a greater depth (Figure 6).

[31] Because a majority of active faults appear to be
locked near the Earth surface or creep at an unresolvable
rate, our results imply that friction properties at shallow
depths are generally velocity weakening, contrary to the
view that unconsolidated fault gouge due to low effective
normal stress results in velocity strengthening [Marone
et al., 1991; Blanpied et al., 1995]. Rock friction experiments
by Biegel et al. [1989] show a reduction in a - b and a transi-
tion from velocity strengthening to velocity weakening for
shear displacements in excess of millimeters. Beeler et al.

Fully creeping Creeping at a slower rate Fully locked

(e.g., SAF north of Parkfield) (e.g., NAF at Ismetpasa) (most strike-slip faults)

— G(a - b) + — G(a - b) + - O(a-b) +
oot yood
o PR
S < =

2y ]y Ay
Figure 11. Simplified view on distributions of friction parameter g(a — b) for crustal strike-slip faults

with different interseismic creep rates at the Earth surface.
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[1996] argued that in the presence of fault gouge, the
frictional behavior is velocity strengthening even for large
displacements. For the San Andreas Fault drilling site at a
3 km depth located near the creeping strand of the SAF,
fault creep is thought to occur due to the presence of weak
clay minerals that exhibit velocity-strengthening behavior
[Carpenter et al., 2011]. One possibility is that the
Ismetpasa segment of the NAF may host different fault-
zone materials at shallow depths (<3-6km), similar to
the SAF around the San Andreas Fault Observatory at
Depth drilling site.

[32] In modeling surface velocity, we have made several
simplifying assumptions, which may have affected the infer-
ences of fault friction properties along the NAF. In the follow-
ing, we discuss factors that are not included in our models but
could be relevant for the inferences of fault friction properties
in the uppermost crust.

4.1.

[33] One of the main simplifications made in the dynamic
model is that the friction parameters are chosen such that the
model results in sequences of large quasi-characteristic
earthquakes. For the model shown in Figure 6b, the result-
ing recurrence interval is ~180 years. Paleoseismological
studies suggest that four major earthquakes occurred with
quite irregular recurrence intervals in the Ismetpasa segment
of the NAF: 1035, 1668, 1944, and 1951 A.D. [Ambraseys,
1970; Kondo et al., 2004]. The irregularity likely reflects
heterogeneities in slip distributions of those earthquakes,
postseismic afterslip, interseismic creep, and interseismic
stressing rates, all of which are poorly constrained by
the existing paleoseismological data [Ambraseys, 1970;
Kondo et al., 2004]. Intrinsic trade-offs between poorly-
constrained model parameters shown in section 3 can be
alleviated by using those additional data as constraints for
dynamic models.

Recurrence Interval of Major Earthquakes

4.2. Effects of Three-dimensional Geometry

[34] In this study, we use 2-D models of spontancous
dynamic rupture that assume no variations of slip or friction
properties along the fault strike. The spatial variation of the
creep rates along the NAF in Figure 4 suggests that the depth
extent of the shallow creep varies spatially and that the
greatest depth extent of the shallow creep is located around
the center of the creeping segment. In this case, the depth
extent of shallow creep inferred from the 2-D models would
be underestimated; the actual creep depth may be greater
than the inferred depth of 5.5—7 km. In addition, the adjacent
locked fault regions can suppress the magnitude of creep
in the shallow velocity-strengthening segment, which may
result in underestimation of the friction parameters inferred
from the 2-D models. The same argument applies to the
inferred size of the shallow velocity-strengthening layer; the
actual location of the velocity-strengthening to velocity-
weakening transition may be deeper than 3—6 km.

4.3. Loading Due to Viscoelastic Relaxation in the
Lower Crust

[35] In our dynamic models, the fault is driven below
depth z=—48 km with a loading rate of V=23 mm/yr
(Figure 5a). An alternative mode of interseismic loading is

viscoelastic relaxation in the lower crust and upper mantle
from past earthquakes [e.g., Savage and Prescott, 1981].
We note that deformation in the top of the seismogenic layer
is essentially independent of the mechanism of interseismic
loading, as long as the models fit the observed velocity field.
Furthermore, viscoelastic models that take into account
laboratory-derived rheologies and long-term deformation
predict development of localized shear zones in the ductile
substrate [Takeuchi and Fialko, 2012]. Such shear zones
are kinematically similar to a deep dislocation that imitates
tectonic loading in this study.

4.4. Enhanced Dynamic Weakening at Coseismic
Slip Rates

[36] There is growing evidence that friction may be much
lower at seismic slip velocities than rate and state friction
laws predict [e.g., Di Toro et al., 2003; Han et al., 2007;
Rice, 2006; Noda and Lapusta, 2010; Brown and Fialko,
2012, and references therein]. In this study, we assume that
the fault constitutive response is represented by the rate
and state friction formulation without accounting for the
enhanced weakening at seismic slip rates of the order of
1 m/s. Our models are still capable of simulating inertially
controlled seismic slip with realistic slip velocities and
rupture speeds. Yet, the recent study of Noda and Lapusta
[2011] that used models incorporating additional coseis-
mic weakening shows different behavior and interactions
of seismic and aseismic slip. Their results suggest that
steady-state velocity-strengthening regions can weaken
during seismic slip due to high slip rates and stresses at
the rupture tip. In the subsequent interseismic period, the
velocity-strengthening region would exhibit “apparent”
locking for some time during the strength recovery, fol-
lowed by the onset of creep. In this case, frictional behav-
ior of locked fault segments can be velocity-strengthening
in steady-state conditions even though there is no creep in
some periods of time.

[37] Such scenario may be a way to reconcile laboratory
observations of steady state velocity strengthening behav-
ior at low-confining pressure with the relative scarcity of
shallow fault creep. The key question in validating this
model is whether time-dependent behavior of fault locking
and creeping is generally observed over an ecarthquake
cycle. Because many locked faults are presumably at dif-
ferent stages of earthquake cycles, the scarcity of fault
creep observations imply that such enhanced coseismic
weakening is not dominant in the shallow portion of faults
due to possibly the presence of thicker gouge or distributed
deformation near the Earth surface [e.g., Hamiel and Fialko,
2007; Kaneko and Fialko, 2011]. Further observations of
long-term time-dependent fault creep behavior are needed to
better constrain in situ frictional properties of rocks compris-
ing the slip interface, and the behavior of major crustal faults
throughout the seismic cycle.

5. Conclusions

[38] We have investigated interseismic deformation and
shallow fault creep along the central section of the NAF us-
ing InSAR data collected by the ALOS and Envisat satel-
lites, and GPS observations. The LOS velocity fields reveal
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discontinuities of up to ~5 mm/yr across the Ismetpasa seg-
ment of the NAF, indicating surface creep at a rate up to ~9
mm/yr; this is a large fraction of the inferred fault slip rate
(21-25 mm/yr). The lateral extent of significant surface
creep is about 75 km, broadly consistent with results of pre-
vious studies [Cakir et al., 2005]. Neighboring fault sections
do not exhibit shallow creep within the measurement accu-
racy (1-2mm/yr). Better coherence in the L-band ALOS
interferograms in our study area, compared to the C-band
Envisat interferograms, has enabled better recovery of phase
associated with small-scale ground deformation, such as
fault creep.

[39] Using fully dynamic models of earthquake cycles,
we reproduce the surface velocity and shallow fault creep
estimated from InSAR data. Our results indicate that
frictional behavior in the Ismetpasa segment is velocity
strengthening at shallow depths and transitions to velocity
weakening at a depth of 3—6 km. The inferred depth extent
of the shallow fault creep at Ismetpasa is 5.5—7 km, sug-
gesting that the deeper locked portion of the partially
creeping segment is characterized by a higher stressing
rate, smaller events and shorter recurrence interval. In
modeling the variation of locking and creeping fault
behavior along the NAF, the friction parameter a — b at
shallow depths vary along the fault strike: the creeping seg-
ment is characterized by nominally velocity-strengthening
conditions (@ — b > 0), whereas the locked faults are nom-
inally velocity weakening (a —b < 0) or velocity neutra
(a —b=0). This conclusion should generally apply to all
active faults that lack shallow creep throughout the inter-
seismic period.

[40] We have found that the dynamic models that incor-
porate rate-and-state friction combined with geodetic
observations of interseismic deformation due to mature
active faults can be used to infer in situ rate-state para-
meters of seismogenic crust. Intrinsic trade-offs between
poorly-constrained model parameters can be alleviated by
using additional data, such as slip distributions from past
earthquakes, postseismic afterslip, interseismic creep, and
interseismic stressing rates. The recent study by Barbot
et al. [2012] came to a similar conclusion by developing a
fully dynamic model of the Parkfield segment of the San
Andreas Fault that reproduces interseismic, coseismic,
and postseismic observations. Such calibrated physical
models may provide constraints on in situ fault-friction
parameters and ways to quantitatively assess seismic
hazards due to major crustal faults.

Appendix A: Data Processing—
Integration of InSAR
and GPS Data

[41] We process five ascending tracks of ALOS PALSAR
acquisitions spanning the time period from the beginning of
2007 to the beginning of 2011 using GMTSAR software,
publicly available at http://topex.ucsd.edu/gmtsar [Sandwell
et al., 2011]. Figures Al and A2 show catalogs of radar
acquisitions from the ascending ALOS satellite tracks 601—
605 and the descending Envisat track 207, respectively.

Radar interferograms used in this study are denoted by lines
in Figures A1 and A2. Several radar acquisitions not used in
this study have either missing data, unfavorable baselines or
problems with decorrelation or ionospheric noise (i.e., varia-
tions of electron content in the ionosphere). The main pro-
cessing steps consist of (1) preprocessing, (2) SAR image
formation and alignment, (3) forming interferograms and to-
pographic phase correction, (4) phase unwrapping, and (5)
InSAR/GPS integration. Steps (1) through (4) are described
in a standard SAR processing software [Sandwell et al.,
2011]. We processed the SAR data on a frame-by-frame ba-
sis to avoid discarding entire tracks of data when the pulse
repetition frequency changes along track or the SAR data
in one of the frames were missing or problematic. In step
(5), we use an approach called “SURF” (Sum/Remove/Fil-
ter/Restore) described in the study of Tong et al. [2012].

[42] The essence of InNSAR/GPS integration in step (5) is
to correct for long-wavelength errors of InSAR phase data
by (i) summing up interferograms to form a stack of LOS
velocity, (ii) removing a GPS model from the stack, (iii)
high-pass filtering the residual stack, and (iv) restoring the
GPS model by adding it back to the filtered residual stack.
In the following, we describe each step:

1. Sum up the properly selected sets of interferograms by
keeping track of the total time span of the sum. After
obtaining the time-averaged interferogram, we covert it
to LOS velocity using an appropriate radar wavelength.

2. Remove an interseismic GPS model from the stacked
phase to obtain the residual phase. Since there are only
5 campaign GPS data points in the study area (Figure 1b),
we construct a crude GPS model based on 2-D elastic
dislocations [Okada, 1992], which qualitatively fits the
fault-parallel component of three GPS data points as
shown in the inset of Figure 2. This GPS model is pro-
jected from geographic coordinates (longitude/latitude)
into radar coordinates (range/azimuth) via spatially vary-
ing radar look directions across the track.

3. High-pass filter the residual phase. We use a Gaussian
high-pass filter to filter out wavelengths longer than
80 km. Based on a coherence spectrum analysis of GPS
models in California, Tong et al. [2012] found an opti-
mal filter wavelength of the filter to be 40 km. Because
the GPS model in this study is not very accurate over
the entire area and we focus on the short-wavelength signal
of LOS velocity, we set the cut-off wavelength to be
80 km.

4. Restore the GPS model by adding it back to the filtered
residual phase. By this process, the LOS velocity is
composed of the combination of the short-wavelength
signal from InSAR stacking and the long-wavelength
signal from GPS [Tong et al., 2012]. The cross-over
wavelength is given by a wavelength of 80 km used in
the high-pass filter in step 3.

[43] Stacking a large number of interferograms, in theory,
reduces noise associated with nontectonic signals. Because
only 10-20 interferograms are used for stacking in each
track, the LOS velocity for the wavelength between ~40
and ~80 km (Figure 2) includes noise related to ionospheric
effects. Hence, we focus our analysis on LOS velocity with
the wavelengths shorter than 40 km.

327


http://topex.ucsd.edu/gmtsar

KANEKO ET AL.

a .
@ ,,
T601
£ 1]
(&)
£
3 0
©
o]
8 -1
=}
2
e
_24
qé_ 16582
D
2 _3] os175
2007 2008 2009 2010 2011
year
(c) ‘ ‘ ‘
31 ve0s 2714g
€ 11710 26472
=< 29 12381 25130 |
(&)
£
© 1 224.46.23788
9 L 33117
o 09026 21775
S 0 07684 21104
a 19762
% 1 13052
9 18420
D
S 2105000 15736
2007 2008 2009 2010 2011
year
(e) ‘
o 26968
T605 :

11 10864

perpendicular baseline (km)
I
%
g
N
©

ol 15561
3 14890
41 13548
2007 2008 2009 2010 2011
year
Figure Al.

: MODELING INTERSEISMIC STRAIN ALONG NAF

5

Teo2 12133

26224

11462 _—————— 04882

24211
10120 22869
0

€

<

[0}

% 01 09449 2210823540

%]

8 08778

5 =11 20185

z 12804~

L 18172

2 24

[}

o

[}

o -31 15488

2008 2009 2010 2011

year

(d)

T604

—_
o
N
n
o

perpendicular baseline (km)

16655
05248
B T—— 1513
14642
4]
2007 2008 2009 2010 2011
year

ALOS SAR data from the ascending tracks 601-605. Dots denote radar acquisition labeled

by the orbit numbers. Horizontal axis represents time, and vertical axis represents perpendicular baseline
(i.e., distance between repeated orbits). Lines indicate radar pairs used in this study.

Appendix B: Rate and State Friction Regular-
ized at Zero Slip Velocity

[44] In expression (2), shear frictional strength 7 is unde-
fined for slip velocities =0, which is unphysical. To
regularize (2) near V=0, we follow the approach of Rice
and Ben-Zion [1996] and Lapusta et al. [2000] in using a
thermally activated creep model of the direct effect term
aln(V1V,) to obtain

Vv
T = qo arcsinh {ZV exp (B1)

o

This regularization produces a negligible change from
equation (2) in the range of slip velocities explored by
laboratory experiments; the difference in V at V'~V is of
the order of exp(—2fo/a) or less, and the typical value of

Jo/a in this study is 40.

Appendix C: Derivation of a Parameter That
Controls the Amount of Creep in the Velocity-
strengthening Layer

[45] The amount of creep in the velocity-strengthening
layer in an earthquake cycle can be understood from stress
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Figure A2. Envisat SAR data from the descending track
207. The dots and lines have the same meaning as in Figure A1.

increase required for the layer to sustain seismic slip
[Kaneko et al., 2010]. During an earthquake, the stress is
transferred from a velocity-weakening region to the adjacent
velocity-strengthening layer. Let us consider the stress in-
crease required for the velocity-strengthening layer to sus-
tain seismic slip integrated over the patch, C=At,.,pDys,
where At is the average required amount of shear stress
increase and D, is the size of the velocity-strengthening
layer. We refer to C as the velocity-strengthening layer resis-
tance. To estimate Az, we consider the difference in shear
stress on the velocity-strengthening patch before and during
seismic slip. Prior to the arrival of seismic rupture, the shear
stress on the velocity-strengthening layer is given by

v =clfy+(a—b)In(V' /)], (&)

where V' is the representative interseismic slip rate in the
velocigy-strengthening layer. During seismic slip with slip

rate V", shear stress in the layer can be approximated as
' =0[fo+ (a—b)In(VY¥/¥)]. (C2)
Then
Atprop = [17 = | = a(a — b)In (V& /V7). (C3)

V™ is of the order of the typical seismic slip velocity of 1 m/s,
and V' ranges from the plate velocity of 10~ m/s to_values
smaller by 1-2 orders of magnitude, so that In(V®"/V") ~ 20,
nearly independent of the model parameters. Therefore, the re-
sistance to the seismic slip C is given by
C =200(a — b)Dys < a(a — b)Dys. (C4)
[46] For nonuniform distributions of ¢(z), a(z), and b(z), C
can be calculated by
C= 20/ a(z)(a(z) — b(2))dz. (C5)
Dy
[47] The analysis above ignores the larger but shorter-lived
stress increase at the rupture tip, which becomes progressively
more important as a-b approaches zero; a velocity-neutral
patch would still provide resistance to the rupture propagation
through the breakdown work at the rupture tip. This effect can
actually be incorporated with additions of more parameters
[Kaneko et al., 2010]. In this work, we ignore this additional
contribution for simplicity.
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